During the summers of 1967 and 1968, surveys of microearthquake activity were conducted for the first time and largely on a reconnaisance basis throughout a substantial part of Iceland. Results from the field program of 1967 are presented by Ward et al. [1969] . This paper presents information gathered in 1968 and an analysis of microearthquake phenomena during both years.
Microearthquakes discussed here are earthquakes as small as magnitude -1. Up to 100,000 microearthquakes might occur in an area where only one event of magnitude greater than or equal to 4 is located during the same time with data from the standard types of seismograph stations commonly used around the world. Hence, a great deal of information on an area can be obtained in a short time by operat-ing sensitive instruments in the field near the earthquake epicenters. Microearthquakes are generally so small that in this study few events would have been recorded if instruments had not been placed within 30 km of the active zones.
In general, there is abundant microearthquake activity in Iceland; some 2700 events were recorded during two months in 1968, but the activity was confined largely to 13 zones, each with areas usually less than 100 km'. Comparison with data for other regions of the world is difficult because of differences in recording conditions, hypocentral distances, instrumentation, etc., but the average level of microearthquake activity in Iceland seems to be higher but within an order of magnitude of that observed in Kenya [Tobin et al., 1969] , westcentral Nevada [Oliver et al., 1966] , southern California [Brune and Allen, 1967] , and Mt. Tsukuba, Japan [Asada, 1957] .
It has been assumed until now that earthquakes in Iceland [Stejansson, 1967J and along the mid-Atlantic ridge are shallow, but there have been few data to show how shallow. More than 600 microearthquakes were reliably located in this study. They occurred primarily at depths of 2 to 6 km, a few being as deep as 13 km. The well-located microearthquakes occur primarily in the upper few kilometers of layer 3, or the oceanic layer [Ewing and Ewing, 1959] (Vp :::::: 6.5 to 6.7 km/sec).
The spatial pattern of the zones of significant microearthquake activity in Iceland is an important source of information. On an islandwide scale, it appears to provide support for the spreading ridge-transform fault hypothesis discussed in detail by Ward et al. [1969] and Ward [1970] .
Most of the microearthquakes recorded in Iceland are associated with major geothermal areas. A detailed study of two geothermal areas shows that the epicenters of the microearthquakes are nearly confined to the zone of thermal alteration observed at the surface. The most dense clusters often lie near the most intense zones of thermal activity. Microearthquakes have been observed in other geothermal areas such as the geysers in California [Lange and Westphal, 1969] and in Ahuachapan, El Salvador [Ward and Jacob, 1971] . This observation is of considerable practical significance, because it gives another method for studying geothermal processes and locating new geothermal areas. Nearly one-half the homes in Iceland are heated with natural hot water, and about 20% of the country's net energy consumption is based on natural heat resources [Bjiirnsson, 1967] . A concerted effort was made to find a relationship between the operation of a large geothermal well and the temporal or spatial occurrence of microearthquakes, but none was discovered.
It is suggested that the stress along a transform fault in southern Iceland is relieved by quasi-continuous microearthquake swarms in the geothermal areas but by mainshock-aftershock earthquake sequences elsewhere in the fault zone. The crust in the geothermal areas may be weakened by the physical-chemical effects of fluids or by fluid pressure.
In the following sections, each of the principal points described above is discussed in some detail, and the supporting evidence is presented.
SPATIAL DISTRIBUTION OF MICROEARTHQUAKES THROUGHOUT ICELAND
During the summers of 1967 and 1968, highgain portable seismographs were operated throughout Iceland at 154 sites, producing an average of 38 hours of clear, low-noise records at each site. The instruments and survey techniques are described by Ward et al. [1969] . Nearly all the microearthquakes recorded were in 13 zones, each with radii generally less than 5 km. The locations of these zones are shown in Figure 1 , along with the major geothermal areas in Iceland, the zone of active rifting and volcanism or neovolcanic zone, and the distribution of large earthquakes from 1967 through 1969 reported by the U.S. Coast and Geodetic Survey. The amount of activity observed from the 13 zones and the numbers of events recorded at each site are dependent on the temporal stability of the microearthquake activity and the attenuation of seismic waves as a function of distance and as a function of special geologic conditions along the wave path. Therefore, before the relation of microearthquakes to regions of geothermal activity and fracture zones is discussed, the data will be summarized and the effects of the short length of sampling time and the influence of attenuation will be presented.
Data collected with portable stations in 1968. Five portable seismographs were operated individually at a total of 87 sites during July and August 1968. Nine of the sites had been occupied during 1967. All sites are shown in Figure  2 , and the data recorded at each site are given in Table 1 . Data for 1967 and are summarized in Figure 3 . The numbers in Figure 3 are the average numbers of events per day with s-p times 52.5 sec, corresponding to distances less than about 20 km, and with maximum trace amplitude ~2 mm at 30-db attenuation from a maximum gain of about 26 million. Although this magnitude is poorly defined for microearthquakes, the 2-mm amplitude limit roughly corresponds to a magnitude of about -0.7 for events close to the station where Brune and Allen's [1967] amplitude-versuiS-distance correction for 20-cps seismic waves is assumed to be negligible.
The most important observation in Figure 3 is that even though the recording stations were spread throughout most of Iceland, micro- • ~emrincimur.
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• 66' earthquake activity was observed in only a few relatively small regions. At most sites, no local events were recorded. Nine zones of activity can be located using the data collected in 1967 . The locations of six new zones that can be identified with the data for 1968 are summarized in Table 2 . In this paper, two zones near Hveragerdi and one near Krisuvik located in 1967 are included as part of other zones nearby.
Ward et al. [1969] pointed out that the microearthquakes are spread over a much smaller area in Iceland than the larger earthquakes reported by many different sources. This results from the more accurate locations of the microearthquakes, but another factor may be a shift in the centers of activity with time.
It is somewhat surprising that the earthquakes occur in a few small zones generally less than 5 km in radius. In many studies, the 
133-

40' 131~32
'Hekla • • microearthquakes are spread over a much larger area, often along faults [e.g., Matumoto and Ward, 1967; Stauder and Ryall, 1967; Oliver et al., 1966; Seeber et al., 1970] . This point will be discussed in the last section of this paper. The limited extent of the small zones is indicated by the small differences in S-P times of events recorded at each recording site within or near a given zone of activity. Detailed locations of events in Hveragerdi and Krisuvik, discussed below, show that the active zones are indeed small, but these detailed studies do not rule out completely the possibility of minor microearthquake activity nearby.
Temporal stability of the microearthquake activity. Numbers of events per day are shown for data collected in 1967 in parentheses in Figure 3 . The other numbers are for data from 1968. Only slight variations in activity were observed in most regions reoccupied after one year. Ward et al. [1969] 154  155  156  157  158  159  160  161  162  163  164  165  165A  166  168  180  181  182  183  185  186  190  191  192  193  194  200  201  202  205 Events [Ward et al., 1969J. number of events per day at the same site on different days or at different sites equidistant from the same earthquake hypocenters could vary by as much as a factor of 3. Most variations shown in Figure 3 are well within this limit. One exception is in southwestern Iceland, south of Eyvik, where substantially higher numbers were recorded in 1967. Observation in this region was begun, however, significantly to record aftershocks of a magnitude 5 earthquake on July 27, 1967. Thus, the high rate is probably atypical. The most notable exception is at the volcano Krafla in northeastern Iceland, where 191 events per day were recorded in 1967 and only 1.2 events per day in 1968. It is possible that the events in 1967 were aftershocks of an event of magnitude 3 to 4 recorded at Akureyri and Reykjavik days before the microearthquake recordings were made. This event was thought to occur between My-vatn and Husavik, but the location is in doubt; it could have occurred near Krafla. This explanation for the high microearthquake activity scems implausible, however, because significant aftershock activity in southern Iceland observed for earthquakes of this magnitude rarely lasts longer than 12 hours.
Another explanation of the high rate in 1967 is that this rate corresponded to a swarm of earthquakes perhaps related to volcanic or geothermal activity. There was extensive volcanic activity in this region in the 1760's [Th6rarinsson, 1960] . A solfatara field exists near the epicenters of these events, and the events occur in a major geothermal area. No matter what the explanation, this decrease of micro earthquake activity in the Krafla region by a factor of more than 150 between 1967 and 1968 illustrates that such large variations can occur but from the rest of the data appear to be rare.
The daily fluctuations in the number of events can be observed with data from a tripartite array operated nearly continuously at Hveragerdi between July 12 and September 4, 1968. The frequency distribution of daily counts is plotted in Figure 4 . Only events with trace amplitudes greater than 18 mm are included. This amplitude cutoff was chosen by noting that at 18 mm the relation between the logarithm of the amplitude and the logarithm of the number of events with amplitude greater than or equal to that amplitude became nonlinear. This implies that some events with amplitudes less than 18 nun were missed in the count. The mean daily count for the 50 days was 3.6 events/day.
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ISOW Sixty per cent of the recorded daily counts were between 2.0 and 5.9 and 80% were between 1.0 and 6.9. For daily counts based on two days' recording, 65% were between 2.0 and 5.9 events per day and for three days 70% were within these limits.
A Poisson's distribution, which would apply if the earthquakes occurred randomly in time, is shown by the solid line in Figure 4 . Although the curve appears to fit the data, a test for goodness of fit shows that the fit is only significant at about the 50% level. The non-Poissonian distribution might be explained by the tendency for most of the microearthquakes in a given day to occur within a few hours and by the fact that there was a gradual decrease in activity during the summer.
These considerations of the daily and yearly fluctuations in the level of microearthquake activity show that the numbers given in Table 1 and Figure the activity as a function of time but that large variations can sometimes occur. It would be unreasonable, for example, to draw contours between the numbers in Figure 3 or to extrapolate them to find the long-term seismicity and expected occurrence of large earthquakes. If the numbers are based on two days of recording, there is about a 65% chance, according to the observations above, of that number being within ±45% of the daily mean for two months of recording. A survey of the type discussed in this paper does, however, give a general picture of the seismicity.
Effect of attenuation on the number of microearthquakes observed. The trace amplitudes and number of events recorded depend on the [Friedman et al., 1969] . were recorded at site 164. [Ishimoto and Iida, 1939] :
where C is a constant. The cumulative number of events (N) with amplitudes greater than some minimum amplitude (AmI.) observed at a station from a point source can be derived by integrating equation 2 with respect to the ampli- distance of the recorder from the hypocenters. To assess the effect of source distance, assume the earthquakes located near Krisuvik occurred in a small area and at an average depth of 3 kID. Their locations will be discussed later, and it will be shown that this approximation is reasonable. The average numbers of events per day recorded at 13 sites is plotted in Figure 5 as a function of distance from the main cluster of earthquakes. The small dots in Figure 5 indicate the daily counts based on 8 to 25 hours of recording. The large dot is the average based on all events recorded during periods of low background noise divided by the total hours of low noise recording time. The amplitude and S-P time cutoffs are 2 rom and 2.5 sec, respectively.
Theoretically the amplitude might be expected to decrease with distance according to the formula [Gutenberg, 1959] 
where Ao is a constant, X is the distance, f is the predominant frequency, V is the P-wave velocity, and Q is a coefficient dependent on the anelastic properties of the rock. The X-1 term represents geometrical spreading of body waves, and the exponential term is for anelastic attenuation. Other forms of attenuation equa-
where k = 7rf/QV and b = m -1. For these data and other data in Iceland + O.l1X, and GjbAm,n b 8.0. The fit to the data is as good as can be expected. If Q equals 50, the curve nearly passes through points 117 and 115. Thus, Q must be low, or the attenuation must be high, if the four data points from stations 111, 115, 120, and 123 are to lie along the same curve as the data from stations closer to the source. If these four stations are omitted, a Q of up to 500 will fit the data reasonably well.
The low daily counts at these four stations might be explained by the radiation pattern. This is not so, however, if all the microearthquakes are assumed to have the same focal mechanism as the major earthquake of December 5, 1968, located about 15 km east of this area [Ward, 1970] . The observed first motions generally support this assumption about the focal mechanism. Stations 121, 12, 112, and 118 are closest to the P-nodal planes, but these stations do not have lower daily counts than other stations at the same distance. Other effects such as local geologic structure, differences of geophone foundations, etc., could influence the daily counts. The ray paths from the source to stations 115, 120, and 123 travel across a lava-filled graben to the northwest of the major source of activity. The attenuating effect of such a graben in Iceland was pointed out by Ward et 01. [1969] . The daily count of events recorded is thus a function of source distance and local geologic structure, as well as seismic activity.
Relative activity of the 13 microearthquake zones. The number of events that would be recorded if the instruments were within a certain distance from a particular source can be predicted by applying equation 3. If the earthquakes are assumed to occur in a very small volume and if, for example, the daily counts are to be normalized to the value that would be observed if all stations were 3 km from the source, then from equation 3 the number of events (No) at this distance is
The normalized numbers using the data from the station closest to a particular zone are given in Table 3 . Numbers in parentheses are less reliable because the daily counts are small and the distances involved are large. Clearly the area northeast of Surtsey had very high activity, even if the normalization procedure is incorrect by a factor of 5. This activity is apparently greater than that observed near Krafla in 1967.
The normalization factor at 30 km distance is 40. Thus, for one event to be recorded at this distance in two days, the microearthquake zone must have a normalized activity, as described above, of about 20 events per day. Seven of the 13 zones located in this study have normalized counts of less than 20 events per day. Although the recording sites were spread throughout most of Iceland, large parts of eastern and northwestern Iceland are more than 30 km from any recording site. This distance limit is minimized in many cases, since at most sites several recorded events were smaller in size than those considered in the daily count. The amplitude limit for the daily count was chosen as the lowest amplitude that could be observed at all sites. Furthermore, when an event was located during the field work, instruments were moved close to the epicenter if possible. Nevertheless, it must be concluded that activity outside the neovolcanic zone and outside the Snaefellsnes Peninsula could have been missed. In addition, activity similar to that observed in 7 of the 13 zones could have been missed in parts of the neovolcanic zone. These considerations demonstrate clearly the necessity of operating portable seismometers at many different sites for studies of the type discussed in this paper.
Significance of the location.s of microearthquake zones. Nine of the thirteen zones of microearthquake activity occur in regions of major geothermal activity. Two of the remaining zones occur in regions of historic submarine volcanism where geothermal activity may exist. One zone is near Surtsey, a volcanic island off the coast of south-central Iceland that erupted from [Th6rarin.sson, 1967 . Numerous seamounts have been observed in the region near this volcano [Norrman, 1969] , suggesting other sites of submarine volcanism. Historic volcanism has also been reported near the microearthquake zone in the ocean north of Myvatn in northeastern Iceland [Berninghausen, 1964; Th6rarin.sson, 1967] . The microearthquake zone southeast of Hveragerdi coincides with the epicenters of three magnitude 4 to 5 earthquakes. Thus the microearthquakes might be considered as foreshocks and aftershocks. The fourth microearthquake zone not associated with known geothermal activity occurred on the southwestern edge of Langjokull near an acidic intrusion.
One of the most significant observations of this study is that the majority of the observed microearthquakes occurred in major geothermal areas. Major geothermal areas [Bodvarsson, 1961] are characterized at the surface by numerous fumeroles, large regions of hot ground, and a high degree of thermal alteration. Heat output in each area ranges from 5 to 750 X 10" cal/sec, and the subsurface temperatures are from 200° to 290°C. Several properties of the major geothermal areas in Iceland are summarized in Table 4 , together with the microearthquake data. Some data in this table were taken from Bodvarsson [1961J, Arn6rsson [1969 , Arn6rsson et ai. [1969] , and Saemundsson (personal communication, 1970) .
Nine of the seventeen major geothermal areas in Iceland had significant microearthquake activity when studied in 1967 and 1968. Instruments were not placed close enough to four of the other eight areas to sample sufficiently the microearthquake activity. As is shown in Table  4 , three areas, Geysir, Hveravellir, and Kerlingarfjoll, have no observed microearthquake activity and, unlike the other areas, do not appear to be related to fissure systems. Furthermore, all three areas have thermal waters with fluorine concentrations in excess of 1.5 ppm. High fluorine concentration is characteristic of alkaline waters flowing from regions with acidic volcanics [Arn6rsson, 1969] . This relationship is complicated somewhat because the total amount of fluorine is influenced by the solubility of fluorspar and is therefore in inverse proportion to the amount of calCIum in the water. In any case, the geothermal areas that have no observed microearthquake activity might be considered to be dominated structurally by acidic intrusions, whereas those areas with microearthquake activity are structurally related to fissure systems trending parallel to the strike of the neovolcanic zone. The one exception to this generalization is Theistareykir (in northeastern Iceland), which has no observed microearthquake activity but does seem related to fissures.
One method of identifying emission of heat at the surface is with infrared surveys. Friedman et ai. [1969] used an airborne line-scanning system to measure infrared radiation emitted from several regions in Iceland that were known to have some thermal activity. At Krisuvik, high infrared emission was found in the southern part of Kleifarvatn and to the southwest in the area just north of Krisuvik. High emission was also observed near Reykjanes, Kverkfjoll, Askja, and Krafla. The only Ward et al. [1969] discuss the possibility of a transform fault along this trend near 64°N. Ward [1971a] summarizes the distribution of microearthquakes presented here, together with the historic seismicity, focal mechanisms, and the geology of Iceland to show that the fracture zone probably strikes west-northwest and may be 80 km wide.
PRECISE LoCATIONS OF SOME MICROEARTHQUAKES IN ICELAND
In addition to the general survey of microearthquakes in Iceland, two tripartite arrays were used in 1968 to locate some microearthquakes with precisions of ±0.6 to 1.0 km in depth and distance. It was shown above that most major geothermal areas in Iceland had high microearthquake activity. The detailed locations discm;sed below of events in the geothermal areas near Krisuvik and Hen gill-H veragerdi in southwestern Iceland show a close spatial correlation between the epicenters of microearthquakes and geothermal activity observed at the surface. Most of the welllocated microearthquakes occurred at 2 to 6 km depth in the uppermost part of layer 3, a crustal layer with P-wave velocity of about 6.5 km/sec. Some less well located events were as deep as 13 km. In this section, the instrumentation and hypocentral accuracy are briefly described. The earthquake locations are presented and are related briefly to local structural lineaments, geothermal features, and crustal layer 3. The reasons for these relationships are discussed in a later section.
Instrumentation. The location, dimensions, and duration of recording for each array are summarized in Table 5 . The Hveragerdi array consisted of three Geospace (HS-1O) 2-cps vertical geophones, three Electro-Tech (SPA-I) amplifiers, and a Geotech (Model 17373) tape recorder operating at 15/160 ips. The array operated at Krisuvik, Sprengisandur, or Krafla consisted of three Dayton 4.5-cps vertical geophones, three Electro-Tech amplifiers, and a Precision Instrument (Model 5104) tape recorder operating at 3/8 ips. Sprengnether (TS-100) chronometers were used. Absolute timing accuracy was not required for locations at each array. Local earthquakes were recorded at all Ward, unpublished data, 1971) .
t Reeording was discontinuous because of instrument problems.
sites except Sprengisandur, which will not be discussed further.
Hypocenter accuracy. The techniques and precision involved in using tripartite arrays to locate local earthquakes are discussed in detail by Ward [1971b] . In that paper it is shown that possible errors resulting from uncertainties in reading arrival times can be excessive at certain distances and azimuths because of array geometry. Thus, it is important to calculate the possible errors in the locations of different events. If proper care is taken when setting up an array and analyzing the data, the precisions in reading the relative times of the first arrivals of the P waves and S waves are the most significant errors in determining the precisions of the calculated hypocenters. In this work, Pwave arrivals could be read to within ±0.2 mm on the strip-chart records using a table-top digitizer. This distance corresponds to ±0.006 sec for the Hveragerdi array and ±0.003 sec for the other arrays. The first arrivals of the S-wave are often difficult to distinguish. In this work, errors in reading the S-wave arrival time vary from ±0.0l to ±O.l sec.
Throughout the recording period at Hveragerdi, large explosions were detonated for harbor construction at Straumsvik, 38.6 km west of the array. Of the 114 well-recorded explosions, 83% of the calculated azimuths and 81 % of the apparent velocities were within their error limits, equal to 313.5 and 11.6 km/sec, respectively. If the error in reading the P-wave arrival was ±0.008 sec at Hveragerdi, instead of ±0.006 sec as assumed, all events would be within the maximum error limits. This discrepancy can be explained by slight changes (±0.05 mm) in the alignment of each trace across the strip chart records (P. L. Ward, unpublished data, Figure 14 , 1971) that were produced over several weeks as the tapes were played back. The galvanometers in the Siemans OSClllomink recorder, used in this study, must be carefully adjusted so that the traces line up across the chart. The important point is that the calculated precisions given in this paper should be considered as the 80% confidence limits.
Crustal structures within linear velocity gradients for each array are shown in Table 6 . These structures were calculated starting with crustal models consisting of layers of constant Palmason [1963 Palmason [ , 1967b Palmason [ , 1970 Palmason [ ] (personal communication, 1969 . Velocity gradients were introduced and the layering was modified until the calculated travel times fit the observed travel-time data. Reversed travel-time profiles were not available in the regions near the arrays. Palma son (personal communication, 1969) suggested, however, that the layers may dip a few degrees in the profiles studied. A number of explosions were detonated near the arrays to examine the accuracy of the calculated locations (Table 7) . The crustal structures were finally modified to make the observed and calculated apparent velocities agree for those explosions with equal observed and calculated azimuths. The structures given in Table 6 are not the only ones that fit the data. The structure for Krlsuvik is the best determined. S-wave velocities were calculated from the P-wave velocities assuming a Poisson's ratio of 0.28 [Palmason, 1963] . Effect of dipping crustal layers on hypocenter locations determined from data from a tripartite array. The calculated azimuths and apparent velocities for explosions more than 18 km from the Hveragerdi array vary as much as 38° and a factor of 1.6, respectively, from those predicted for the known locations (Table 7) . The calculated locations of a number of earthquakes recorded from the microearthquake zones discussed above also showed this discrepancy. These data are summarized in Table  8 . These large errors, as is shown below, can nearly all be explained, for example, by one layer at a depth of about 2 km in the crust dipping 2° to 5° in the region under the array. These data are of great importance to persons interested in detailed locations of local earthquakes, because they emphasize the need for using explosions or earthquakes located by a more accurate method to calibrate hypocentral locations determined with data from a tripartite array [TVard, 1971bJ. If the crust is divided into laterally homogeneous layers of velocity, the azimuth from a tripartite array can be calculated independent of the velocity or velocity gradient in each layer. The calculation of expected apparent velocity for an explosion of known location, however, depends greatly on the assumed crustal structure. In many cases, the assumed structure can be modified to fit the observed apparent velocity data. For the data given in Tables  7 and 8 , however, the apparent velocities are higher than predicted by the crustal model to the west of the array and lower than predicted to the east. Therefore, simply modifying the velocities and velocity gradients in the assumed crustal structure will not explain the differences between observed and predicted apparent velocities.
Perhaps the simplest explanation of these discrepancies is that lateral inhomogeneities in the crust under the array cause the first arrivals at one or two seismometers of the array to be delayed relative to the arrivals at the other one or two seismometers. In this case, station corrections should be added to the arrival times at each station to correct for such inhomogeneities. At Hveragerdi, however, explosions within 10.3 km were located accurately without assuming station corrections. Any station corrections that improve the accuracy of the more distant explosions reduce the accuracy of the local events. This fact suggests that any major lateral inhomogeneities near the array must occur at depths greater than 2 km, the depth to which rays in the assumed crustal structure (Table  6 ) travel between the array and a surface focus event about 10 km away. If only the data in Tables 7 and 8 for events more than 18 km from Hveragerdi are used to calculate station corrections by the least squares method outlined by TV ard [1971b J, then 0.056 sec should be subtracted from the arrival times at the southernmost station of the array (station B, Table 5 ) and 0.019 sec should be subtracted from the arrivals at the westernmost station (station C). These time differences could be explained, for example, by an interface sloping about 2° to 5° to the southwest between two layers with a velocity contrast of 1 km/sec. A lower velocity contrast would give a higher dip. The strike of this interface would be northwest. Applying these station corrections makes most calculated azimuths agree, within their precision, with the known azimuths (Table 7) for explosions or interpreted azimuths (Table 8) for earthquakes.
The differences between observed and expected apparent velocities can also be explained by this simple model. If the interface between two layers is dipping away from the array, the apparent velocity will be higher than that for the horizontally layered case. If a layer is dipping toward the station, the apparent velocity will be lower. The apparent velocities in Tables 7 and 8 imply a dip to the southwest. This dip agrees with the dip deduced from the azimuthal data. The refraction data of P61mason [1970] show a dip in the upper boundary of layer 3 in this region of about 2° or 3° to the southwest.
The effect of a dipping layer cannot be accurately taken into account by simply adding constant station corrections [Niazi, 1966] . A ray approaching the interface is refracted in three dimensions rather than in a two-dimensional plane between source and receiver, as is assumed in this work. The actual station corrections caused by a dipping layer would be a sinusoidal function of azimuth and would decrease with distance. The important point here is that a simple approximation explains nearly all the data. Any number of complications could be added to the model to make all the data fit. The rays, for example, may be reflected or refracted laterally at many points along their path.
Thus, very small inhomogeneities in the crustal structure can cause large errors in locations of earthquakes outside a tripartite array. For this reason, explosions or independently located earthquakes must be used to calculate the accuracy of array locations. The hypo central locations given below are close to the respective arrays, and explosions near the arrays show that -' " Locations of microearthquakes near Hveragerdi. Figure 6 shows epicenters of 315 local earthquakes recorded clearly at the Hveragerdi array in southwestern Iceland. Numbers denote depth to the nearest kilometer. This array was set up at the southern end of a large geothermal area. The easternmost seismometer was about 150 meters east of a large geothermal well that, as is discussed later, was opened and closed regularly dUTing the summer to see if any change in the occurrence of micro earth-64"N quakes could be noted. The precIsIon of the earthquake locations in Figure 6 varies because of the geometry of the array. Figures 7, 8 , 9, and 10 show the possible error in azimuth, apparent velocity, distance, and depth calculated by assuming errors in reading the P-wave arrivals and S-P times of ±0.005 sec and ±0.05 sec, respectively, and plotted on a map similar to that in Figure 6 . The errors are for earthquakes at a depth of 3 km. Distances from the array are measured from station A (P. L. Ward, unpublished data, 1971) , which in this case is arbitrarily defined as the easternmost geophone. The errors are symmetrical about this point. The errors in azimuth and apparent velocity would decrease for shallower events at the same distance and would increase for deeper events. The errors in distance and depth would generally increase for shallower events and decrease for deeper events, although the relationship is more complex. Similar error maps for an equilateral array (P. L. Ward, unpublished data, 1971) show errors that are much more ,constant as a function of azimuth than those in Figures 7 to 10 . Careful comparison of the error maps with the distribution of hypocenters plotted in Figure 6 shows that, when the possible errors are considered, many groups of hypocenters that appear scattered could have occurred at one point or along narrow linear trends. For example, seven of the ten events at depths of 3 and 4 km just 6 to 8 km southeast of the array could have occurred along one line. Figure 6 . The numbers are the ± limits of the error in kilometers per second and are calculated assuming an error in reading the P arrivals of ±O.005 sec and an error in reading the S-P arrivals of ±O.05 sec. All earthquakes are assumed to occur at 3 km depth. The triangle is the array.
The five events 10 to 12 km deep southwest of the array could have occurred at one point. The apparent scatter of events beyond 2 km to the north of the array could be attributed to the possible errors in location, particularly to errors in azimuth.
The microearthquakes are primarily confined to the geothermal area defined by the occurrence of thermally altered rocks at the surface. The highest earthquake activity is near but not directly under the regions of thermal springs, fumaroles, etc. The fissures, grabens, and linear volcanic vents generally trend N300E through the area. Some small groups of microearthquakes appear to have nearly the same trend, but this pattern is not very convincing. The more prominent S65°E trend just southeast of the array is close to the S75°E trend of the proposed transform faults in southern Iceland [Ward, 1971a] . Faults striking NlOoE, S60oE, and N75°E were observed about 10 Ian to the Fig. 9 . Error in distance to epicenters located with data from the Hveragerdi array. The errors are plotted on the map shown in Figure 6 . The numbers are the maximum distance minus the minimum distance in kilometers. The error is calculated assuming an error in reading the P arrivals of ±O.005 sec and an error in reading the S-P arrivals of ±O.05 sec. All earthquakes are assumed to occur at 3 km depth. The triangle is the array.
northeast [TrY(J(Jvason, 1955] . Faults trending S600E were mapped just south of Hengill [Saemundsson, 1967; Arnason et m., 1969] . Figure 11 shows all the events in Figure 6 projected onto a north-south cross section through the array. The larger ellipses represent earthquakes with the more clearly read phases. The zone of hypocenters appears to dip northerly 25° to 45°. Although any dip radial from the array could be explained by large errors in reading S-P times, the probable errors are too small in this case, and the extent of this trend is too large for the dip to be considered fictitious.
Locations of microearthquakes near Krtsuvfk. Figure 12 shows 285 hypocentrallocations based on data from the Krisuvik array in southwestern Iceland. The numbers denote depths to the nearest kilometer. The microearthquakes in this region are clustered in a much smaller volume than those events near Hveragerdi. There are two dominant features of the hypo central dis· tribution near Krisuvik: the very dense clustering of events under the southwestern edge of Kleifarvatn (Vatn means lake) and an eastnortheast trending zone of activity southeast of the array. Hypocenters shown generally have calculated precisions (P. L. Ward, unpublished data, 1971 ) of about ±2° in azimuth, better than ±0.6 km in distance, and ±0.6 km in depth. Figure 13 shows these same hypocenters projected onto an east-west vertical plane. The larger ellipses depict events with the most clearly distinguishable phases. A large percentage of events occur in a small volume under southwestern Kleifarvatn (Figures 12  and 13 ). The zone of earthquakes that trends nearly east, south of the array, plunges eastward at about 30°. Figure 6 . The numbers are the maximum calculated depth minus the minimum calculated depth. All earthquakes are assumed to occur at 3 km depth. The errors are calculated assuming an error in reading the P arrivals of ±O.005 sec and an error in reading the S-P arrivals of ±O.05 sec.
Again the microearthquakes are confined to the region of geothermal activity defined by the outcrops of thermally altered rock. The major thermal activity generally occurs near the epicenters of the main microearthquake activity. Nevertheless, some fumaroles and mudpots, not associated with large numbers of microearthquakes, occur 1 km northeast of Graenavatn and 1 to 2 km northwest of Djupavatn. Intense fumarolic activity occurs on the lake bottom above the main cluster of earthquakes. Analysis of CO2 and H. fumarolic gas shows that the highest temperature in the Krisuvik area is in the range of 250°C.
Locations of microearthquakes near Krafla. Figure 14 shows the locations of 20 well-recorded earthquakes near the Krafla array in northern Iceland. The calculated azimuth of explosions in the volcanic crater Viti was 12° to the east of the true location (Table 7) . This difference may be caused by lateral refraction along layers dipping westward and striking north-south parallel to many grabens, fissures, and lava flows in this area. At any rate, those events to the north of the array should be shifted westward by 12° in azimuth. There are no data on the accuracy of events to the south of the array. The precision in location of events near
.. the array is about ±0.3 km in distance and depth. The three events to the southwest have a precision of ±1.5° in azimuth, ±0.5 km in distance, and ±1 km in depth. These events occur in a geothermal area having several producing wells on the west flank of Namafjall and several natural steam vents on the east flank. Krafla is a volcano that has not been active for at least 200 years [Th6rarinsson, 1960] . A solfatara field and steam vents occur about 0.5 km south of Viti.
Apparent decrease of activity away from the arrays. There is an apparent decrease in earthquake activity away from the arrays in Figures 6, 12 , and 14. The decrease in the number of events with distance from the array can be predicted by the following equation derived from Asada [1957] assuming that the events are uniformly distributed on a plane:
where N is the number of events at a hypocentral distance of from X, to X" and K = 7rf/QV. For X less than the hypocentral depth, time (T B-P) defined as
The plane of earthquakes is assumed to be 3 km deep.
The dots in Figure 15 show the distribution of S-P times at Hveragerdi, and the triangles depict the distribution at Krisuvik. Clearly the microearthquakes are clustered at Krisuvik as seen in Figure 12 . At Hveragerdi there is a clustering of events with S-P times between 0.4 and 0.7 sec, but otherwise the decrease of events toward the edges of the area shown in Figure 6 is nearly that predicted and, therefore, does not indicate a lower seismicity for s-p times ~2.4 sec or distances ~19 km. Thus, care must be taken in drawing any conclusions about the relative activity in one part of the area as opposed to another part simply on the basis of the number of mapped epicenters. On the other hand, the analysis in Figure 15 cannot distinguish relative activity as a function of azimuth. Relative activity at the same distance but different azimuths can be directly compared. The area south of Hveragerdi, for example, has far lower activity than the area to the north, and there is a clear clustering of activity on the map.
Depth of the earthquake activity and layer 3. The most important result of this study of precise locations is that most of the well-located microearthquakes occurred between 2 and 6 km depth, a few less well located events being as deep as 13 km (Figures 11 and 13 ). These depths are the first well-determined depths of seismic activity in Iceland and, for that matter, along most of the mid-ocean ridge system.
Most of the hypocenters in Figures 11 and 13 occur near the top of layer 3, the crustal layer observed using seismic refraction methods to have a P-wave velocity of about 6.5 km/sec in Iceland [Palmason, 1970] and about 6.7 km/sec elsewhere in the ocean [Raitt, 1963] . This layer is often referred to as the 'oceanic layer.' At Krafla, the depth of layer 3 changes from 3 km in the northern part of the map to 4 km in the southern part (Figure 14) . Half KRisuviK W the twenty foci are shallower than the top of layer 3. There are too few events here to be sure of their relationship to layer 3.
When detailed location of earthquakes is possible [e.g., Eaton et al., 1970; Hamilton et al., 1969] , it is usually found that events at depths of less than 1 or 2 km are rare. It appears that stress sufficient for an earthquake with magnitude as low as -1 cannot generally accumulate at very shallow depths, at least in zones of existing fractures [Scholz et al., 1969] and in zones of intense rifting such as those found in Iceland. Therefore, it might be argued that the spatial coincidence of microearthquakes with the upper part of layer 3 is simply fortuitous. The observation that layer 3 and the microearthquakes are both shallower in H veragerdi than in Krisuvik, however, makes this relationship appear less accidental.
Hess [1959, 1965] thought that layer 3 in oceanic areas consists of serpentinite instead of basalt, as was commonly assumed at that time. Cann [1968] has proposed that layer 3 is basalt but metamorphosed to the amphibolite facies. Palmason [1970] has suggested that the bound- .. ,.. ary between layers 2 and 3 in Iceland is a 350-400°C isotherm at the ridge crest and a paleoisotherm away from the ridge. He finds that layer 3 is quite shallow under central volcanoes and some geothermal areas. These observations imply that the boundary between layers 2 and 3 is some type of metamorphic front.
Combined gravity and seismic refraction data give an 8% increase in density between layer 2 and 3 [Palmason, 1970] . The volume change associated with this increase might increase stresses near the boundary, particularly if the boundary is not planar.
Another possible explanation for the predominant occurrence of microearthquakes in layer 3 is that this layer is stronger than the layers above, and thus stress sufficient for seismic release can generally accumulate only in this layer or below. The deeply rifted layers above would be deformed aseismically. Scholz et al. [1969] presented a model for the San Andreas Fault that is similar in many aspects to this idea. Amphibolite has a higher ultimate strength than basalt in laboratory measurements [Handin, 1966] . The strength that is important when considering seismic release, however, is certainly more complex. One possibility is that, if layer 3 is a zone of active metamorphism, fractures may be quickly modified and welded so that large stress differences and stress drops are required for further slip or else new fractures must be formed.
EARTHQUAKE SWARMS AND STRESS RELEASE IN GEOTHERMAL AREAS
In this paper, microearthquakes in Iceland were shown to occur in a number of small zones, most of which coincide spatially with geothermal areas. Large earthquakes apparently did not occur during the same time in the geothermal areas. Earthquakes have generally been felt near geothermal areas, but the data are generally insufficient to determine whether the epicenters are inside or outside these areas. The implication of the data in this paper, although it cannot yet be considered proven, is that microearthquakes occur reasonably continuously as swarms in the geothermal areas, but large earthquakes with their aftershock sequences are typical outside the geothermal areas.
.c A swarm is a sequence of earthquakes that has no one outstanding principal event. The total seismic energy per unit time released in a swarm usually increases slowly to some peak and then decreases just as slowly or even more slowly. A main-shock sequence typically consists of a few or no foreshocks, one large mainshock, and many aftershocks. The seismic energy released in such a sequence usually increases almost as a step function and then decays nearly exponentially with time. Swarms have usually but not always occurred during volcanic eruptions and in regions of Cenozoic volcanic activity [e.g., Richter, 1958; Eaton and Murata, 1960; Minakami, 1960] . Geothermal areas around the world are also generally associated with Cenozoic volcanism. Magi [1962, 1966] suggested from laboratory studies of rock fracturing that swarms are the characteristic mode of seismic energy release in nonuniform material, whereas aftershock sequences are characteristic of uniform material. Sykes [1970] observed swarms from mid-ocean ridge crests but not from fracture zones. Thatcher and Brune [1971] located a swarm on a ridge crest in the Gulf of California. In this paper, support is given for the hypothesis that swarms occur in regions where the crust is weakened yet strong enough to fracture so that some stress but not large stress can be sustained. The stress is therefore relieved in numerous small earthquakes. This crustal weakening might be attributed principally to the effects of fluid, fluid pressure, or chemical alteration. Several important considerations leading to this hypothesis will now be discussed in some detail.
Large earthquakes near geothermal areas. The only earthquakes reported by the U.S. Coast and Geodetic Survey for 1967 in Iceland and located clearly very close to, if not in, a geothermal area were four events of magnitude 4.3 to 4.4 that occurred in September 1967 near the southwestern tip of the Reykjanes Peninsula. New ground fracturing in the thermal area was observed, and old and new hot springs erupted water up to 15 meters high. Sixteen strong events were felt at Reykjanes. The activity began on September 28 but reached its peak on September 30. The activity may have propagated from near Kleifarvatn to Reykjanes (R. Stefansson, personal communication, 1968) . This continuing activity with no single large event might best be considered as a swarm.
Only a few large earthquakes near geothermal areas have been well located. In August 1969, an event of magnitude 3.7 with aftershocks occurred about 5 km west-northwest of the Hengill geothermal area. This event was well located with the aid of portable seismographs. An event of magnitude 5.5 to 6.0 in December 1968 was located about 15 km east of Krisuvik. Local and teleseismic arrival times show that this event most likely occurred east of the Krisuvik geothermal area, but the data are not good enough to be sure that the earthquake did not occur in the small Brennisteinfjoll geothermal area, 5 km from the calculated epicenter.
The largest recorded earthquakes in southern Iceland (see summary by Ward [1970] ), as well as the three events of magnitude 5, 4.7, and 4.6 in 1967, occurred along the one segment of the proposed fracture zone in southern Iceland where there are no known geothermal areas. One of the few zones of microearthquakes not associated with geothermal areas occurred in this same segment of the fracture zone. These microearthquakes were clearly foreshocks and aftershocks of the main shock, an event of magnitude 5, on July 27, 1967.
Energy and numbers of microearthquakes. It is well known that the energy released by an earthquake of magnitude 6 is about 1000 times greater than the energy of an event of magnitude 4 [Gutenberg and Richter, 1956] , whereas only about 100 events of magnitude 4 can normally be expected to occur for each event of magnitude 6. Thus, it appears that the energy for a large earthquake is not likely to be relieved by a large number of small earthquakes.
Another variable that must be considered, however, is the volume of the earthquake activity. The geothermal areas constitute only a small part of the tcctonically active zone in Iceland. The proposed transform fault zone in southern Iceland, for example, is about 150 km long between ridge crests [Ward, 1970] . There are six major geothermal areas in this fracture zone (Table 4 , numbers 1-5 and 9) that extend along about 10% of its length. Thus, only about 10% of the stress in this fracture zone would need to be relieved by reasonably continuous swarm activity in the thermal areas, whereas about 90% could be relieved by large earth-quakes. In addition, some of the stress could be relieved aseismically.
Kisslinger [1968] discussed the volumetric growth of the source region involved in the earthquake storm at Matsushiro, Japan. He concluded that the total energy density for the swarm approaches that expected for a single major earthquake with magnitude corresponding to the total energy release of the swarm. Furthermore, he pointed out that some of the largest earthquakes of the swarm occurred outside the central hypocentral zone of activity. He suggested that release of stress by the swarm in relatively weak rocks increases the stress on the stronger surrounding rocks to the point where they fracture.
Sylces [1970] found that swarms of teleseismically located earthquakes with magnitudes greater than 4 occur typically along ridge crests. In this study, however, microearthquake swarms have been confined to geothermal areas and appear to have occurred predominantly in the fracture zones. One way to reconcile these data is given by Ward [1970] , who suggests that a number of short sections of ridge crest occur within the transform fault zone in southern Iceland and that many of the geothermal areas appear to occur at the junction of ridge crests with the individual transform faults. The microearthquake swarms might, therefore, be related to the segments of ridge crest and might then only be expected to account for a very minor fraction of the total stress relieved by earthquakes. The first motions of microearthquakes at Krisuvik, however, generally suggest strikeslip motion rather than the dip-slip motion expected from earthquakes along ridge crests. More detailed first motion data are needed before a firm conclusion can be reached. More data are also required to calculate the amount of energy or the seismic slip dissipated in different parts of the assumed fracture zone.
Fluid pressure. One possible explanation for the microearthquake activity in the geothermal areas is that water, particularly water under pressure, weakens the crust in these regions. The role of water in triggering earthquakes has been emphasized, for example, at the Rocky Mountain Arsenal fluid injection well in Denver, Colorado [Evans, 1966] , at the Rangely oil field in Colorado [Raleigh et al., 1970] , and for the Matsushiro earthquake swarm in Japan [Nalcamura, 1969] . The Denver earthquake sequence could certainly be considered a swarm, since the seismic activity increased slowly to a peak over five years [Healy et al., 1968] .
During the summer of 1968, a tripartite array was operated near Hveragerdi, as described above, specifically to see whether operation of a large geothermal well near station A of the array would significantly affect the microearthquake activity. This well (well 8) is 300 meters deep and has a natural flow of 130 kg/sec of water and steam. The number of earthquakes per hour with S-P times of less than 1.5 sec are shown in the bar graph in Figure 16 . Periods when the well was open are denoted by the broad horizontal bars along the time axis. Only events with amplitudes greater than 18 mm were counted because some events of smaller amplitude could have been missed. Although there was little microearthquake activity when the well was open on July 20, August 4, and August 10, periods when the well was opened for 6 to 7 days show no substantial difference in activity from other times. There is an apparent decrease in activity after the first opening of the well, but this change appears to be fortuitous, since it was not reproduced during later openings of the well. Examination of the spatial distribution of these microearthquakes shows no difference in the locations of events occurring when the well was opened or closed. Thus, operation of the well does not appear to affect significantly the occurrence of microearthquakes.
One reason that the operation of the well does not seem to influence the microearthquake activity could be that the earthquakes are generally deeper than 2 km, whereas the well is only 0.3 km deep. Furthermore, the fluid pressure at the base of the well is observed to decrease about 12% owing to heating of the fluid in the well hole when the well was flowing. In the Rocky Mountain Arsenal well in Denver, Colorado, the average monthly fluid pressure at the base of the well was increased by as much as 54% of the initial fluid pressure [Healy et al., 1968] . ~ than a few bars. In order to get high fluid pressures at a given depth, some impermeable zone must exist that allows the fluid pressure to increase above the normal hydrostatic pressure. Such barriers may not form in active fracture zones. Very high fluid pressures may not be needed, however, for triggering earthquakes. The regional least principal stress in Iceland seems to be horizontal, since Iceland is near the crest of the mid-Atlantic ridge and thrust faulting is not observed. In zones of rifting where normal faulting predominates, the least stress may be very small. It has been proposed that earthquakes are triggered when the pore pressure is simply sufficient to reduce the normal force across a fracture below some critical level [Hubbert and Rubey, 1959; Healy et al., 1968] . In a transform fault zone, the deviatoric normal stress across individual fractures will vary slightly, depending on whether the fracture lies along the trend of the over-all fault zone or lies several degrees from it. In some regions within a fracture zone, there may be strike-slip faults with large components of thrust or normal faulting. Thus, the amount of fluid pressure needed to trigger earthquakes may vary greatly along a given fault zone.
The hydrostatic pressure in the thermal areas is lower than in surrounding regions. For example, at 3 km depth the temperature is about 180°C outside the thermal area in Iceland [Palmason, 1967a] and about 360°C with a thermal area where the water is boiling at every depth. The corresponding hydrostatic pressures would be 260 and 200 bars, respectively. The lithostatic pressure might be about 745 bars in both regions.
In the thermal areas with boiling water at every depth, the viscosity of the water at a depth of 3 km is about 0.4 millipoise and the density is about 0.3, whereas outside the thermal areas the viscosity is about 2.3 millipoise and the density is 0.9 [Dorsey, 1968] . Thus hightemperature fluids are far more penetrating. Perhaps the viscosity of the fluid should be included in models for the effects of fluid pressure. At the Rocky Mountain Arsenal well in Denver, for example, the natural temperature at the base of the well may be about 100 to 140°C. If water is pumped down at 25°C, it would have a viscosity of about 8.9 millipoise. When pumping stops, the water would eventually heat up to 120°C and the viscosity would fall to about 2.3 millipoise. The continuation of the earthquake activity after pumping stopped could, therefore, be partly explained by better penetration of the pore fluid because of a decrease in viscosity.
Water and earthquake swarms. It has long been known that water substantially weakens rocks under compression in the laboratory. One reason is the effect of pore pressure described above. Another reason is stress corrosion [Scholz, 1968] , where the water produces corrosion reactions that take place preferentially at points of high tensile stress. Although stress corrosion does not appear to be important at room temperature [Brace and Martin, 1968] , it is exponentially dependent on temperature and thus may well be of far greater importance in geothermal regions and at typical hypo central depths. Stress corrosion need not only be thought of in terms of microscopic cracks. Fluids circulating along a fault, for example, leach out silica, etc., from irregularities in the fault surface. This leaching weakens the irregularities and could thus decrease the coefficent of static friction, allowing slip to occur.
Water in a geothermal area probably circulates to depths of many kilometers. A geothermal aquifer was found near the bottom of a borehole 2.2 km deep in Iceland [Palmason, 1967a] . Pa1mason argues that the proper conditions may exist in the zone of active rifting and volcanism for free convection of water to at least this depth. Banwell [1963] tentatively suggested that water in the Wairakei geothermal area in New Zealand might circulate to depths of several kilometers. Thus, it does not seem unreasonable to expect that surface water circulates to the depths of many if not most of the microearthquakes located in this paper.
The data in this paper, through not conclusive, are consistent with the hypothesis that water in geothermal areas leads in some way to a weakening of the crustal rocks. The rocks then deform in response to regional stresses, and earthquake activity in these weakened areas tends to be dominated by swarms of small events. The swarms are frequent and sometimes long lived. The stronger crust outside the weakened areas fractures less often, but larger stresses are accumulated and these stresses are relieved in mainshock-aftershock sequences.
CONCLUSIONS
In this paper, microearthquake data are presented from a reconnaissance survey in which portable seismometers were used throughout most of Iceland and from a detailed survey with tripartite arrays in three geothermal areas in Iceland. The most important conclusions from the work are as follows:
1. Most of the microearthquakes recorded in Iceland occurred in 13 zones that were generally less than 5 km in radius. The number of events recorded near the zones averaged from 0.4 to 23 events per day. At most recording sites throughout the country, few or no microearthquakes were recorded.
2. The numbers of events per day based on short periods of recording are only generally representative of the over-all activity at each site. Large variations may occur rarely. The chance of recording a daily count that is within ±45% of the daily mean based on two months of recording, in the example given, increased from 60% after one day of recording to 65% after two days and 70% after three days.
3. The number of microearthquakes recorded in a particular zone in 1968 generally, but not always, was within 30% of the number recorded there in 1967.
4. Few data would have been recorded in this study if portable instruments had not been within 30 km of the active zones. This fact emphasizes the importance or placing high-gain, portable seismometers at many sites throughout the region to be studied.
5. Nine of the thirteen zones of microearthquakes in Iceland coincide spatially with geothermal areas. Two other zones are in areas of submarine volcanism where geothermal areas may occur. One microearthquake zone is near an acidic intrusion and one is an aftershock zone.
6. Geothermal areas that are structurally related to fissure systems generally have microearthquake activity, whereas those areas that have few prominent fissures and seem only to be related to acidic intrusions have little or no microearthquake activity.
7. The locations of the zones of micro earthquakes across southern Iceland support the hypothesIs of a transform fault near 64°N trending west-northwest. 8. Large differences were noted between observed and expected azimuths and apparent velocities for earthquakes and explosions at many azimuths and distances greater than 18 km from the Hveragerdi array. Most of these differences can be explained by an interface dipping 2° to 5° between two crustal layers, but other explanations are possible. These observations demonstrate the necessity for using explosions or independently located earthquakes to find the accuracy of hypocenters determined with data from a tripartite array.
9. Most of the well-located microearthquakes in Iceland occurred at depths of 2 to 6 km in the uppermost part of crustal layer 3. Some events were as deep as 13 km.
10. Epicenters of microearthquakes in two areas where detailed location was possible were confined primarily to the zone of thermal alteration observed at the surface. The greatest earthquake activity was often near the regions of greatest thermal activity observed at the surface.
11. Operation of a geothermal well did not significantly affect the occurrence of microearthquakes nearby.
12. It is suggested that stress along the fractures zone in southern Iceland is relieved by numerous swarms of microearthquakes in the geothermal areas but by mainshock-aftershock sequences elsewhere along the transform fault between the two ridge crests. Aseismic creep may be present in either region. The crust in the geothermal areas may well be weakened by the physical or chemical effects of water or by fluid pressure. According to this model, the probability of recording microearthquakes in the geothermal areas in Iceland is substantially higher than the probability of recording some microearthquakes outside the geothermal areas, but in the fracture zone. This difference in probability results simply from the fact that swarms are more continuous in time than aftershock sequences.
